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Abstract The transport of the Atlantic Meridional Overturning Circulation (AMOC) varies considerably on
the seasonal time scale at 26.5N, according to observations made at the RAPID-MOCHA array. Previous
studies indicate that the local wind stress at 26.5N, especially a large wind stress curl at the African coast, is
the leading contributor to this seasonal variability. The purpose of the present study is to examine whether
nonlocal wind stress forcing, i.e., remote forcing from latitudes away from 26.5N, affects the seasonal
AMOC variability at the RAPID-MOCHA array. Our tool is a two-layer and wind-driven model with a realistic
topography and an observation-derived wind stress. The seasonal cycle of the modeled AMOC transport
agrees well with RAPID-MOCHA observations while the amplitude is in the lower end of the observational
range. In contrast to previous studies, the seasonal AMOC variability at 26.5N is not primarily forced by the
wind stress curl at the eastern boundary, but is a result of a basin-wide adjustment of ocean circulation to
seasonal changes in wind stress. Both the amplitude and phase of the seasonal cycle at 26.5N are strongly
inﬂuenced by wind stress forcing from other latitudes, especially from the subpolar North Atlantic. The sea-
sonal variability of the AMOC transport at 26.5N is due to the seasonal redistribution of the water mass vol-
ume and is driven by both local and remote wind stress. Barotropic processes make signiﬁcant
contributions to the seasonal AMOC variability through topography-gyre interactions.
1. Introduction
The lower limb of the Atlantic Meridional Overturning Circulation (AMOC) is driven by the ventilation and
export of the North Atlantic Deep Water (NADW)—a water mass that is formed by buoyancy-driven convec-
tion in the subpolar North Atlantic Ocean. Even though the mean AMOC state must be sustained by a stable
source of NADW production, variations in the AMOC transport are forced by both buoyancy ﬂuxes and surface
wind stress. In fact, more studies increasingly point to the surface wind as the primary driver for seasonal-to-
decadal variability of the AMOC transport in the subtropics [Biastoch et al., 2008; Kanzow et al., 2010; Xu et al.,
2014; Zhao and Johns, 2014; Polo et al., 2014]. Numerical models that are forced only by wind stress are able
to reproduce a seasonal cycle of AMOC that compares well with observations [Zhao and Johns, 2014]. Previous
studies [Kanzow et al., 2010; Chidichimo et al., 2010], however, have mostly focused on local wind stress forc-
ing. The role of remote forcing in seasonal AMOC variability has not been adequately studied previously.
Kanzow et al. [2010] and Zhao and Johns [2014] quantiﬁed the seasonal variability of the AMOC transport at
26.5N by using observations from the UK-U.S. Rapid Climate Change—Meridional Overturning Circulation
and Heat Flux Array (RAPID-MOCHA) array. The RAPID-MOCHA is the ﬁrst boundary-to-boundary observatio-
nal array [Cunningham et al., 2007; Johns et al., 2008, 2011; Meinen et al., 2010, 2013]. Kanzow et al. [2010]
used the ﬁrst 4 years of data and showed that the AMOC transport strengthens in summer and fall, and
weakens in late winter and early spring. Zhao and Johns [2014] extended this analysis with a longer record,
and showed a similar pattern. As for the forcing mechanism, Kanzow et al. showed that the seasonal vari-
ability of the AMOC transport is mainly due to changes in the mid-ocean geostrophic transport between
the Bahamas and Africa. They further demonstrated that baroclinic Rossby waves that are generated by
wind stress curl along the eastern boundary at the Moroccan coast are primarily responsible for seasonal
changes in the mid-ocean geostrophic transport.
An ocean circulation’s response to a change in wind stress forcing is through both barotropic and baroclinic
planetary Rossby waves [Veronis and Stommel, 1956] and the ocean’s adjustment toward an equilibrium
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state in a bounded ocean is through Kelvin and Rossby waves [Anderson and Gill, 1975]. The ocean does not
fully equilibrate itself to a forcing without meridional propagation of either Kelvin or topographic Rossby
waves [Anderson and Gill, 1975; Kawase, 1987; Johnson and Marshall, 2002]. So it is rather puzzling how baro-
clinic Rossby waves alone could dictate the seasonal cycle of the AMOC transport at 26.5N. One has to
wonder what roles do other types of waves play in the adjustment of the AMOC transport to seasonal wind
stress forcing and where do those waves come from.
The main goal of this paper is to use a wind-driven model to investigate how surface wind stress forces sea-
sonal variability of the AMOC transport at 26.5N where a 10 year record is available. Speciﬁcally, we exam-
ine whether and how the seasonal AMOC cycle at this latitude is affected by wind stress changes in
subpolar and tropical basins, a remote forcing mechanism that has been ignored in previous studies. We
use a two-layer model to conduct our study. The paper is organized as follows. The model and the forcing
ﬁelds will be introduced in the next section. This will be followed by discussions of model results and mech-
anisms in section 3. The study will be summarized in section 4.
2. Model and Forcing Field
The model used in this study is a two-layer, nonlinear, and primitive equation model that was used previ-
ously to study overﬂows from the Nordic Seas [Yang and Pratt, 2013, 2014]. It is similar to the model that
was used by Zhao and Johns [2014] in their study of the seasonal variability of the AMOC transport. The ver-
sion used in the present study is adiabatic, i.e., no diapycnal water mass ﬂux between two layers. The model
includes barotropic and the ﬁrst baroclinic modes since both layers are active. The thickness of either layer
is allowed to become zero (i.e., outcropping of the lower or grounding of the upper layer). The model is
governed by the following equations:
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where (un,vn) and hn are velocity and layer thickness in the nth layer (n 5 1, 2), g is the sea surface height,
g2 is the interface height anomaly, A 5 10
12 m4 s21 is a biharmonic viscosity, F
!
n5
kj u!nj u!n
hn
is the bottom
drag (where k5 0.005 is a quadratic bottom drag coefﬁcient), and Dq5 1.5 kg/m3 is the water density dif-
ference between two layers. The lower layer is exposed to wind stress wherever it outcrops. Likewise, the
bottom stress is applied to the upper layer when the lower layer vanishes (i.e., h2 5 0). The change of sur-
face and bottom stresses when either layer vanishes is handled by using the Heaviside Step Function H(hi)
(H(hi)5 1 if hi> 0, and H(hi)5 0 if hi  0). Initially, the layer interface is set at 1000 m in the deep basin and
at the seaﬂoor, i.e., h2 5 0, wherever the depth is shallower than 1000 m. In each experiment, the model is
integrated from an initial state of rest. At 26.5N, the internal deformation radius is about 50 km for h1 5
1000 m and h2 5 3000 m. The model has a resolution of 0.25 in a domain from 20S to 65N (Figure 1) and
uses the ETOPO5 bathymetry data. All lateral boundaries are closed. No-normal ﬂow and no-slip boundary
conditions are applied. The model uses a small time step of 10 s.
The AMOC transport at any latitude is deﬁned as the net northward transport between two boundaries in the
upper layer, which is virtually identical to the net southward transport in the lower layer. The annual mean
overturning transport is zero because there is not water mass ﬂuxes between layers. Two sets of wind stress
have been tested in the model, the WHOI OAFlux Wind (which is based on data from several different satellite
sensors [Yu and Jin, 2010]; http://oaﬂux.whoi.edu/wind.html) and the ERA-Interim. The evolution of the sea-
sonal variability of the AMOC transport along 26.5N is very similar when either wind product is used. The
peak-to-peak change in AMOC transport at 26.5N is about 5 and 4 Sv, respectively, when using the OAFlux
and ERA-Interim. Both are within the range but smaller than the mean value of 6.7 Sv for 2004–2008 period
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[Kanzow et al., 2010] and 6 Sv for 2004–2011 [Zhao and Johns, 2014]. The results presented in this paper are
from simulations that use the OAFlux climatology (1988–2012). The monthly mean stress vector is linearly
interpolated to each time step. The model is integrated for 20 years and the output from the twentieth year is
used for this study. The model reaches a quasi-equilibrium state within a 20 year spin-up.
3. Seasonal Variability of the AMOC Transport Along 26.5N
Oceanic data from the RAPID-MOCHA array, together with surface wind stress, allow quantiﬁcations of both
the mean and variability of the AMOC transport at 26.5N [Kanzow et al., 2010; McCarthy et al., 2012; Zhao
and Johns, 2014]. For the seasonal cycle, Kanzow et al. [2010] and Zhao and Johns [2014] showed that the
AMOC transport weakens in spring (March–April) and strengthens in both summer (July) and fall (Novem-
ber). The amplitude of the peak-to-peak change is about 6.7 Sv based on the ﬁrst 4 years of RAPID-MOCHA
data, as indicated by the dashed line in Kanzow et al. [2010, Figure 10d]. The error bar, as indicated by the
gray envelope in that ﬁgure, is inevitably large due to uncertainties in data. The net transport, which is
deﬁned as the net northward transport in the upper layer, is comprised of three components, the surface
Ekman ﬂow, the western boundary current through the Florida Strait, and the mid-ocean geostrophic ﬂow
between the Bahamas and Africa. Kanzow et al. found that the largest contribution to the seasonal variabili-
ty comes from the mid-ocean geostrophic transport and attributed it to seasonal changes in the eastern
boundary pressure (PE). There is a narrow band of large variations in the wind stress curl off the African
coast (their Figure 13a), which, they suggested, is responsible for the seasonal variability of PE. A baroclinic
Rossby-wave model was used to demonstrate the contribution from the eastern-boundary forcing to the
AMOC seasonal cycle at 26.5N.
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Figure 1. The model domain and bathymetry. In addition to the control run (CTR), three additional experiments (EXP-1, 2, and 3) were con-
ducted. In EXP-1, a wall is inserted along 30W. The purpose of this experiment is to examine whether the wind stress curl along the east-
ern boundary is the predominant forcing for the seasonal variations of the AMOC transport, a hypothesis that was proposed by Kanzow
et al. [2010]. In EXP-2 and 3, a wall is inserted along 40N and 15N respectively. The purpose is to examine whether the seasonal AMOC
variability at 26.5N is inﬂuenced by forcing from the subpolar basin and the tropics.
Journal of Geophysical Research: Oceans 10.1002/2014JC010317
YANG VC 2015. American Geophysical Union. All Rights Reserved. 2490
In addition to local wind stress, PE is subject to inﬂuences from boundary Kelvin waves and topographic
Rossby waves. So it is expected, in terms of wave dynamics, that PE is also forced by nonlocal wind stress. It
is uncertain, however, whether such a contribution from remote forcing to AMOC variability at 26.5N is
comparable to that from the local wind stress. We have designed several experiments to explore this ques-
tion. But we would like to present the control run ﬁrst.
3.1. Control Run
The control run (CTR) is our standard simulation in which no alteration is made in either the bathymetry or
the forcing ﬁeld. It is used to test the model’s skill in simulating both the phase and the amplitude of the
AMOC seasonal variability at the RAPID-MOCHA Line, and thus to gauge whether this simple model is an
appropriate tool for our mechanism study. It is also used for benchmark comparison with results from sev-
eral sensitivity experiments.
The annual-mean sea surface height (SSH) shows a typical double-gyre feature in the North Atlantic Ocean
(Figure 2). The SSH elevation is about 25 cm in the center of the subtropical gyre, which results in a geostro-
phic transport of about 30 Sv for an upper-layer thickness of 1000 m, consistent with the observed mean
Gulf Stream transport of 31.5 Sv at the RAPID-MOCHA array [Zhao and Johns, 2014]. The SSH deviation is
about 60 cm in the subpolar gyre and the geostrophic transport is about 50 Sv. Both gyres vary seasonally
in response to seasonal changes in wind stress. In the lower layer, there is no annual mean circulation after
the model is spun-up [Anderson and Gill, 1975]. The Anderson-Gill spin-up time scale, deﬁned as the time
that a long baroclinic Rossby wave takes to travel from the eastern to the western boundary, is about 4.5
years at 26.5N for the basin width of about 70 in longitude and a long Rossby wave speed of about 5 cm
s21 (the internal deformation radius is about 50 km in the model). So on the seasonal time scale, the circula-
tion in the lower layer does not reach an equilibrium state and continuously adjusts to changes in wind
stress forcing.
In the following discussion, we will focus on seasonal changes in the zonally integrated transport. As men-
tioned above, the AMOC in this purely wind-driven model has no annual-mean transport. The black line in
Figure 3 shows the seasonal anomaly of the AMOC transport at 26.5N, which is deﬁned here as the
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Figure 2. The annual mean sea surface height (SSH, unit: cm) from the twentieth year of the control run (CTR). The OAFlux climatological
monthly wind stress (1987–2012) is used in this run. The key feature is the two-gyre system in the North Atlantic Ocean.
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monthly averaged transport in
the upper layer between two
boundaries. The phase of this
seasonal change agrees very
well with the observed one
[Kanzow et al., 2010, Figure
10d]. In April, the AMOC trans-
port is at its seasonal mini-
mum. It peaks in both July and
November just as in the
observation-based estimate.
The peak-to-peak difference of
the AMOC transport between
April and November is about 5
Sv in this model run with a cli-
matological forcing. It is con-
siderably lower than the 6.7 Sv
that Kanzow et al. [2010] esti-
mated for the 2004–2008
period. However, the error bar
in the Kanzow et al. estimate
(the area enveloped in gray in
Kanzow et al.’s [2010, Figure
10d]) is large. So the model’s 5
Sv transport is still well within the range. Zhao and Johns [2014] extended the analysis period of the RAPID-
MOCHA observation to 2004–2011 and obtained a peak-to-peak difference of 6 Sv, which is still noticeably
higher than the amplitude from our model. It seems typical that models tend to underestimate this ampli-
tude. Zhao and Johns [2014] found that the amplitude of the AMOC seasonal change is only about 4 Sv in
both the Ocean general circulation model for the Earth Simulator (OFES) and their two-layer model. Given
the simplicity of the model, we are satisﬁed with the agreement between our model and observation-based
estimates, and conﬁdent that this model can be used for our mechanism study. Zhao and Johns [2014]
made the same assessment of their two-layer model.
Kanzow et al. [2010] showed that it is the pressure change along the eastern boundary (i.e., African Coast)
that dictates the variability in the geostrophic transport [Kanzow et al., 2010, Figure 12]. To examine this
contribution to the model, we computed Qg in the upper layer by deﬁning Qg5H0(PAfrica2 PBahamas)/(q0f),
where H05 1000 m is the mean thickness of the upper layer and PAfrica and PBahamas are the pressure at the
eastern boundary and the east coast of the Bahamas in the model. The black line in Figure 4 shows the sea-
sonal anomaly of Qg. The model’s mid-ocean geostrophic transport is indeed a large contributor to the total
AMOC seasonal changes. As in the observation [Kanzow et al., 2010, Figure 12], both PAfrica and PBahamas
make substantial contributions to the total geostrophic transport (red and blue lines in Figure 4). The main
feature of the AMOC seasonal cycle is that the transport is weak in spring and strong in fall. This is strongly
inﬂuenced by the pressure change at the eastern boundary (red line in Figure 4). So the model result is basi-
cally consistent with Kanzow et al. [2010] assessment that the pressure at the eastern boundary mainly
deﬁnes the phase of the seasonal cycle in the interior geostrophic transport. The more difﬁcult and still
open question is whether PAfrica is locally forced.
3.2. Contribution From the Eastern Boundary Pressure to the Seasonal Geostrophic Transport
We conducted a sensitivity experiment (EXP-1) in which a large portion of the model domain is blocked
from wind stress forcing near the eastern boundary. A thin wall is inserted along 30W, as indicated as EXP-
1 in Figure 1. This wall effectively separates the model domain into two basins that do not interact with
each other. The location of this wall was chosen because a band of large wind stress curl variation is located
between 20W and the African coast [Kanzow et al., 2010, Figure 13], and the area to the west of 30W is
well away from this band of wind stress curl. So the meridional overturning circulation (MOC) variability in
the western basin in EXP-1 is not associated with this band of large wind stress curl at the African coast.
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Figure 3. Model transport in the upper layer across the RAPID-MOCHA Line (26.5N) for CTR
(black), a run with a wall along 30W (EXP-1, cyan), a run with a wall along 40N (EXP-2, red),
and a wall along 15N (EXP-3, blue), and a run with a ﬂat bottom with the depth set to
4000 m everywhere (green). The phase of the seasonal variation in CTR (black) agrees with
the observation-based estimate [Kanzow et al., 2010, Figure 10d].
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With the exception of this arti-
ﬁcial wall, the same wind stress
and bathymetry that are used
in the control run are applied
in EXP-1. Like that in the con-
trol run, the model is inte-
grated for 20 years and the
twentieth year result is ana-
lyzed here.
Because of the wall at 30W in
EXP-1, each basin has its own
independent MOC (red and
blues lines in Figure 5). The
combined transport of the two
basin’s MOCs at 26.5N (cyan
line in Figure 5 or Figure 3) has
a seasonal cycle that is similar
to that in CTR (black line in Fig-
ure 3) except that the summer
transport in EXP-1 is about 0.5–
1 Sv higher than that in CTR.
The presence of the internal
wall at 30W apparently has
only a rather small impact on the total AMOC transport at 26.5N. Even more revealing is the partition of
this transport between the two basins. The seasonal MOC variability in the western basin (blue line in Figure
5) not only has a greater amplitude than that in the eastern basin (red), but also makes a greater contribu-
tion to the combined MOC transport (cyan line in Figure 5). One could argue that the larger contribution
from the western basin simply reﬂects its proportionality to its larger width at 26.5N. The important point
to emphasize here, however, is that this large MOC variability in the western basin is not related to the
band of large wind stress curl at the African coast, indicating that the eastern boundary forcing may not be
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Figure 4. The net northward geostrophic transport in the model between the Bahamas and
Africa along 26.5N (black), and the contribution from pressure along the African (red) and
eastern Bahamas (blue) coasts. They are similar to the data-based estimate by Kanzow et al.
[2010, Figure 12].
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Figure 5. The AMOC seasonal transports at 26.5N from EXP-1 with a wall at 30W (red and blue lines for the eastern and western basin,
respectively, and the cyan line is for the combined transport of two basins). The combined transport is close to that in the control run
(black line in Figure 3), indicating that a wall at 30W does not signiﬁcantly affect the seasonal cycle of the AMOC transport at 26.5N. The
transport at the western basin is robust and makes a greater contribution to the combined transport than that from the eastern basin. This
indicates that the wind stress curl at the eastern boundary is not the predominant forcing of the seasonal variability of the AMOC at
26.5N.
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the only major forcing mechanism for the observed seasonal variability of the AMOC transport at the
RAPID-MOCHA array.
We calculate the geostrophic transport in each basin by using Qg5H0(Peast2 Pwest)/(q0f), where Peast and
Pwest are pressure at the eastern and western boundaries in each basin and H05 1000 m is the mean
upper-layer thickness. The geostrophic transports from EXP-1 are shown in Figures 6a and 6b. The red and
blue lines depict the contributions to the geostrophic transport from the pressure at the eastern and west-
ern boundary in each basin respectively. It is worth noting that the pressure variability at the African coast
in the eastern basin (red, Figure 6b) becomes much smaller than that in the control run (red line, Figure 4).
In contrast, the pressure at the western basin’s eastern boundary (i.e., the western side of the inserted wall
at 30W) makes a major contribution to the overall geostrophic transport (red line, Figure 6a). The large var-
iability of the wind stress curl off the African coast cannot affect processes in the western basin due to the
wall at 30W in the model. The similarity between red lines in Figure 6a (pressure at the western basin’s
eastern boundary in EXP-1) and Figure 4 (pressure at the African coast in the control run) suggests that the
pressure change at the African coast in the CTR is not forced locally. It must be due to either the integrated
forcing across the basin at 26.5N or the remote inﬂuences from different latitudes. Note that the small sea-
sonal AMOC variability in the eastern basin in EXP-1 is not due to a lack of large wind stress curl at the east-
ern boundary. Both the pattern and the magnitude of the wind stress curl at 26.5N are very similar to what
was shown in Figure 13 of Kanzow et al. [2010].
3.3. Contributions From the Subpolar Basin and the Tropics
The ocean circulation adjusts to an external forcing through propagation of planetary, topographic, and
gravity waves. These waves spread oceanic responses, typically in the form of pressure anomalies, around
the basin, and induce anomalous velocities along wave pathways. This is the essence of remote forcing or
teleconnection mechanisms that were discussed in many previous studies [e.g., Yu et al., 1991; Johnson and
Marshall, 2002; Yang, 1999]. The RAPID-MOCHA array at 26.5N is located in the subtropical basin. We are
interested in whether the seasonal AMOC variability at 26.5N is inﬂuenced by wind stress forcing in the
subpolar basin and in the tropics. We decided to conduct two additional sensitivity experiments to explore
this remote forcing mechanism. In EXP-2, a wall is placed along 40N (Figure 1) to block remotely forced sig-
nals that originated in the subpolar basin from reaching 26.5N. In EXP-3, a wall along 15N (Figure 1)
restricts forcing from the tropics. Other than the insertion of internal walls, everything else in EXP-2 and
EXP-3, is kept the same as in CTR. Any difference in these two experiments from the control run, therefore,
is due to the insertion of internal walls.
The red and blue lines in Figure 3 show the AMOC transports at 26.5N from EXP-2 and EXP-3, respectively.
For comparison, the black line in the same ﬁgure shows the AMOC transport from CTR. The internal wall at
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Figure 6. Geostrophic transport from EXP-1 (with an internal wall along 30W). (a) The geostrophic transport between the Bahamas and the inserted 30W wall (black). The red line and
blue lines are contributions from the pressure anomaly from the western and eastern boundaries. (b) The geostrophic transport in the eastern basin (black) and contributions from pres-
sure at the western (blue) and eastern (red) boundaries. Note that the contribution from the pressure anomaly at the African coast is much smaller in this experiment than that in the
control run (red line in Figure 4). The pressure anomaly at the eastern boundary in the western basin (red line in the left plot), however, is similar to the pressure anomaly at the African
coast in the control run (red line, Figure 4). This again indicates that the pressure anomaly at the eastern boundary is not mainly forced by the local wind stress.
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40N in EXP-2 clearly affects both the amplitude and the phase of the seasonal variability of the AMOC
transport at the RAPID-MOCHA Line. In comparison with CTR (black line), the AMOC transport in EXP-2 (red
line) becomes weaker from May to November, and stronger between December and May. Likewise, placing
a wall at 15N in EXP-3 also affects the AMOC transport at 26.5N although to a lesser extent (comparing
blue and black lines in Figure 3). The AMOC seasonal cycle at 26.5N would change differently if the wall
were shifted to different latitudes. But it is already obvious from EXP-2 and EXP-3 that the seasonal cycle of
the AMOC transport at the RAPID-MOCHA Line is not forced only by the local forcing at 26.5N since the
forcing at this latitude is the same in all experiments.
We would like to point out that inserting walls is an intrusive method that changes the basin-wide circulations.
We tried two other methods of separating forcing from a particular region. One is to simply use the annual-
mean wind stress in one particular region, such as in the area to the north of 40N. This method has a large
seasonal anomaly of wind stress curl at 40N and results in strong localized recirculation at this latitude. The
second alternative method is to adjust wind stress in the region to the north of 40N to avoid discontinuity of
the curl. The meridional component of the wind stress is set to their annual mean ﬁeld, i.e., sy(x,y,t)5 sy0 (x,y).
The zonal component consists of the annual mean wind stress and the seasonal anomaly at 40N, i.e., sx(x,y,t)
5 sx0 (x,y)1 s
x
anomaly (x,y40N,t). The subscript 0 refers to the annual mean ﬁelds. In this arrangement, the wind
stress curl anomaly is zero in the area to the north of 40N. The AMOC transports at 26.5N from these two
experiments are quite similar to that shown in EXP-2 with an artiﬁcial wall inserted at 40N.
How does wind stress in the subpolar basin or in the tropics affect the AMOC transport in the subtropical
basin? Our two-layer model has no diapycnal ﬂux, and so the water volume in each layer is conserved. But
the spatial distribution of the water mass in each layer varies seasonally. In the upper layer, for instance, a
convergence of the volume transport in the subpolar basin requires a transport divergence elsewhere. This
wind-driven movement results in a seasonal variability in the upper limb of the AMOC. How about the lower
limb, i.e., the transport of the NADW layer? In a two-layer system, transport variations in the upper and
lower layers are tightly coupled. The total water volume from the sea surface to the seaﬂoor in a given area
is nearly constant since seasonal SSH variability, which is in the range of several centimeters, has a negligi-
ble effect. A convergence in the upper-layer transport deepens the pycnocline (or the layer interface in a
two-layer model) and squeezes the volume in the lower layer. Therefore, there must be a divergent trans-
port in the lower layer to balance a convergence in the upper layer. Through this coupling, wind stress
forces variations in the lower limb of the AMOC.
Seasonal variations in the model’s AMOC transport are driven by the Ekman pumping/suction as illustrated
in Figure 7. Consider a season when the wind stress curl is anomalously positive in the subpolar basin. The
anomalous Ekman suction uplifts the layer interface, and results in a water-volume increase in the lower
layer and decrease in the upper layer. This leads to an anomalous northward ﬂow in the lower layer from
the subtropical basin to the subpolar basin, and a transport in the opposite direction in the upper layer.
This anomalous sheared transport, i.e., southward in the surface layer and northward in the bottom layer, is
opposite to the mean buoyancy-driven AMOC (which is absent in this wind-driven model). So the strength-
ening Ekman suction in the subpolar basin would result in a negative anomaly in the AMOC transport, and
vice versa for an opposite anomaly in wind stress curl. The same mechanism also works for remote forcing
from the tropics and explains why the AMOC transport at 26.5N changes when a wall is inserted at 15N in
EXP-3. Through this mechanism, the AMOC transport at 26.5N is responsive to changes in wind stress forc-
ing in other latitudes even if the wind stress remains unchanged locally. We would like to point out that Fig-
ure 7 depicts a mechanism for the zonally integrated transport. Transport anomaly that is induced by the
Ekman pumping in the interior and at the eastern boundary would propagate westward by Rossby waves
and result in changes in boundary current transport.
The wind stress curl in the subpolar basin is basically the opposite of that in the subtropics as shown in Fig-
ure 8. An anomalous suction in the subpolar basin is accompanied by a pumping in the subtropics. As
shown in Figure 7, a strengthening Ekman pumping in the subtropics also weakens the AMOC transport,
and vice versa for the subtropical suction. Therefore, the seasonal variability of the AMOC transport in the
North Atlantic Ocean, including that at 26.5N, is forced by the Ekman pumping/suction in the whole basin,
not just in one particular area. This mechanism (Figure 7) also explains why a meridional wall, like the one
inserted along 30W in EXP-1, does not block this meridional redistribution of layer volumes and therefore
has little impact on the net AMOC transport.
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Now let us examine whether the mechanism schematized in Figure 7 is consistent with the seasonal vari-
ability of the wind stress curl. Figure 8 shows the seasonal anomaly of the zonally integrated wind stress
curl from 20S to 65N. From April to November, the wind stress curl is anomalously negative in the subpo-
lar basin north of 55N and positive in the subtropics between 20N and 40N (Figure 8). As illustrated in
Figure 7, this contrast of wind stress curl forces a northward transport in the upper layer from the subtropi-
cal to subpolar basin and strengthens the AMOC transport. The seasonal change reverses in the period
between November and March when the wind stress curl anomaly changes the sign in both the subpolar
and subtropical basins.
The upper-layer volume in the model between 40N and 65N (red line in Figure 9a) indeed increases from
May to November and decreases from November to March, a 1-month lag to the wind stress curl. The spa-
tial patterns of anomalous thickness of the upper layer in April and November are shown in Figure 9b. The
thickness change in either month is not spatially uniform. Larger changes are located mainly in the western
side of the subpolar basin in the Irminger Sea, Labrador Seas, and along the western boundary current. But
it is quite clear that the upper-layer volume north of 40N is low in April and high in November. The black
line in Figure 9 indicates the upper-layer volume in the subtropical basin between 15N and 40N. Its phase
evolution is the opposite of that in the subpolar basin (red line), supporting the mechanism illustrated in
Figure 7.
The two plots in Figure 9b show that planetary Rossby waves, characterized as southwest-to-northeast tilted
bands of h1 anomalies, move westward in the region to the south of about 50N. But they seem to be
absent in the subpolar basin. For linear Rossby waves, there is a turning latitude hc for a given frequency x.
Planetary Rossby waves with a frequency at or higher than x cannot exist in the areas poleward of the turn-
ing latitude hc. This theoretical result, which is discussed in many textbooks, has been tested using satellite
altimetry data and outputs of high-resolution ocean models [Lin et al., 2008, 2014]. In our simulations with
monthly climatological wind stress, the lowest frequency in the model is x 5 2p/(12 months). So planetary
Rossby waves exist only in latitudes that are lower than the turning latitude associated with the annual
period. The critical latitude is deﬁned as:
Figure 7. The schematics of interactions between subtropical and subpolar gyres. (top) There is southward transport in the upper layer
when either the Ekman pumping in the subtropics or Ekman suction in the subpolar basin intensiﬁes. This would lead to a weakening of
the mean AMOC. (bottom) Likewise, the AMOC would increase when either the Ekman pumping in the subtropics or suction in the subpo-
lar basin weakens.
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hc5cot21
2Rx
c1
 
(2)
where R is earth’s radius and c15
gDqh1h2
qðh11h2Þ
h i1=2
is the ﬁrst baroclinic Kelvin wave speed. For h15 1000 m, h2
5 3000 m, and Dq5 1.5 kg m23, the Kelvin wave speed is about 3.3 m s21. The turning latitude for x5
2p/(12 months), according to equation (2), is about 52 in latitude. So the latitudinal distribution of plane-
tary Rossby waves in Figure 9 is consistent with the dispersion relation of linear waves. But we should note
that h1 and h2 are not constant due to varying topography, and the position of hc varies.
3.4. Latitudinal Coherence
Previous studies suggest that the AMOC transport should vary coherently across latitudes. Such coherences,
however, may not be continuous across all latitudes [Bingham et al., 2007] and could depend on pathways
of NADW export [Zhang, 2010]. The latitudinal coherence of the AMOC transport in the control run is
Zonally−Integrated Wind−Stress Curl (Nm−1)
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Figure 8. Hovmoller diagram of the zonally integrated wind stress curl across the whole basin.
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illustrated in the Hovmoller (latitude-time) diagram of the AMOC transport (Figure 10a). The pattern is quite
similar to that of a high-resolution OGCM simulation discussed by Mielke et al. [2013] and Xu et al. [2014]. As
pointed out by Mielke et al. and also shown in Figure 10a, the AMOC transport is meridionally covariable
between the subtropical and subpolar basins. Figure 10 shows that the seasonal variability of the AMOC
transport in the subpolar basin leads that in the subtropics. The phase of the seasonal anomaly moves
southward between 25N and 65N. Mielke et al. [2013] also showed a phase shift of the seasonal cycle at
41N, computed by using altimetry and ARGO ﬂoat data [Willis, 2010], and at the RAPID-MOCHA array.
An internal wall at 40N in EXP-2 clearly affects the polar-subtropical interactions and the latitudinal coher-
ence of the AMOC seasonal cycle (Figure 10b). The AMOC transport over the whole subtropical basin
becomes much weakened when compared with that in the control run (Figure 10a). It is interesting to note
that both the amplitude and the phase of the seasonal variability changes much less signiﬁcantly in the
 Jan  Feb  Mar  Apr  May  Jun  Jul  Aug  Sep  Oct  Nov  Dec
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Figure 9. (a) The seasonal variation of the upper-layer water mass volume between 15N and 40N (black line) and between 40N and 65N (red line); the seasonal anomaly of the
upper-layer thickness h1 (b) in April and (c) in November.
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subpolar basin than in the subtropics by the insertion of the wall. The seasonal cycle in the region north of
the wall at 40N only shifts by 1 month and the amplitude weakens by about 10–15% (Figure 10b). The
change is much greater in the subtropics. This contrast implies that the wind stress forcing in the subpolar
basin exerts a greater inﬂuence on the AMOC seasonal cycle in the subtropics than the inﬂuence of subtrop-
ical wind stress on the AMOC variability in the subpolar basin.
3.5. Barotropic and Some Topographic Effects on the Seasonal Variability in AMOC Transport
The mechanism illustrated in Figure 7 includes Sverdrup transport that is forced by the Ekman pumping
and suction. The Sverdrup balance is an instantaneous and barotropic response to wind stress curl. So
topography is expected to be important in the model’s adjustment to the seasonally changing wind stress.
But the AMOC is a vertically sheared overturning cell and thus is inherently baroclinic. Does the barotropic
mode play a role in the seasonal AMOC variability? To explore this, we ran an additional experiment by
using a constant depth everywhere at 4000 m. The basin’s coastline and wind stress remain the same as in
CTR. The green line in Figure 3 shows the seasonal cycle of the AMOC transport along 26.5N. The ampli-
tude of the seasonal variations is much smaller than that in CTR. Topography affects oceanic responses in
multiple ways to be discussed in the following.
We decompose the annual variability of the AMOC transport at 26.5N in CTR to both the barotropic
mode, which is deﬁned as u!BT5 h1 u!11h2 u!2
 
= h11h2ð Þ, and baroclinic mode, which is expressed as
(a) Control Run (CTR)
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Figure 10. The seasonal variations of the zonally integrated northward transport in the upper layer for (a) the control run and (b) EXP-2. In EXP-2 (right), the internal wall blocks interac-
tions between the subtropical and subpolar basins and strongly affects the transport along 26.5N.
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u!BCn 5 u!n2 u!
BT
(where n denotes the nth layer). We deﬁned their contributions to the AMOC variability
by their contribution to the zonally integrated northward transport in the upper layer. As shown in
Figure 11 (left), the seasonal variations of the barotropic and baroclinic components are in phase from
January to July, i.e., both transports decrease from January to April and then increase from April to
July. The baroclinic transport continues to increase until it peaks in October. The barotropic transport,
however, decreases from July to September before it increases again from September to December.
It is interesting to note that the evolution of the baroclinic transport is very similar to the mid-ocean trans-
port that was obtained by Kanzow et al. [2010] (blue line in their Figure 14) who used a linear model for
long baroclinic Rossby waves. The peak-to-peak change in the baroclinic transport is about 5.5 Sv (middle,
Figure 11, left). This is about the same as that from Kanzow et al. wave model. But the transport in our
model includes both the interior and the western boundary current (WBC) transports, while Kanzow et al.
model simulates only the mid-ocean geostrophic transport. So they are not exactly comparable even
though the two transports are quite similar.
We have analyzed the barotropic and baroclinic transports in our sensitivity experiments, i.e., EXP-1, 2,
and 3. The amplitude of the seasonal variability in the baroclinic transport is reduced to 3 Sv (not shown) in
EXP-2 when an internal wall is inserted along 40N, indicating that the baroclinic transport itself is
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Figure 11. (top) The seasonal evolution of the AMOC transport at 26.5N, its (middle) baroclinic and (bottom) barotropic components (left) from the control run and (right) from a ﬂat-
bottom simulation (a constant depth at 4000 m). Note that barotropic transport makes no contribution in a ﬂat bottom model (bottom right). But it makes a signiﬁcant contribution
when topography is included in the model (bottom left).
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inﬂuenced by remote forcing from the subpolar basin. Our analyses also show that the wind stress forcing
to the east of the mid-ocean ridge contributes to the season variability of the AMOC transport. Kanzow
et al. excluded the forcing to the east of 50W in their calculation by assuming that baroclinic waves would
be blocked by the ridge and therefore do not affect the pressure at the western boundary.
How does the barotropic mode contribute to the variability of the AMOC – an inherently baroclinic circula-
tion? Here we use a schematic to illustrate how barotropic ﬂows affect the AMOC transport variability. We
examine a barotropic circulation in a basin that has a ﬂat bottom in the interior and a step-like shelf off the
western boundary (Figure 12). It is assumed that the WBC occupies the whole shelf. The total interior trans-
port between x5 L1 and x5 L1 1 L2 is Qi 5 (h11 h2) L2Vdeep, assuming that the interior velocity is constant
in x. The transport of the WBC is Qw 5 (h1 1 h2 2 Dh)L1Vshallow. The mass conservation requires that
Qi5Qw, and so a relationship between two velocities can be obtained:
L2Vdeep5 12
Dh
h11h2
 
L1Vshallow (3)
The net northward transport in the upper layer or the southward transport in the lower layer is:
DQ5h1ðL1Vshallow2L2VdeepÞ5 h1Dhh11h2 ðL1VshallowÞ 6¼ 0 (4)
So the barotropic ﬂow depicted in Figure 12 has a northward nontrivial transport of DQ in the upper layer
and a southward one in the lower layer. Such a transport vanishes in a ﬂat bottom model since Dh 5 0. It is
worth noting that there are convergence and divergence of volume transports in either layer when DQ 6¼ 0,
and such convergence/divergence would deform the layer interface. Such changes in pycnocline depth ini-
tiate baroclinic processes that further affect the AMOC transport. The role of topography in inducing over-
turning variability through wind-driven gyres has been discussed in several previous studies in various
ocean regions [e.g., Lee and Marotzke, 1998; Hakkinen, 2001; Cabanes et al., 2008].
4. Discussion and Summary
In this paper, we describe a two-layer and adiabatic model that is driven by a climatological wind stress to
investigate whether remote wind stress forcing contributes to the seasonal variability of the AMOC trans-
port at 26.5N. Our model result agrees with previous studies that the pressure at the eastern boundary is a
main contributor for changes in the mid-ocean geostrophic transport [Kanzow et al., 2010; Zhao and Johns,
2014], which itself is the largest contributor to the AMOC annual cycle at 26.5N. But our results, in contrast
to Kanzow et al. study, indicate that the pressure at the eastern boundary is not forced mainly by the local
wind stress curl at the African coast. It is as a result of the basin-wide adjustments to both local and remote
wind stress forcing. In EXP-1, a wall was inserted to block the wind stress curl near the eastern boundary
from forcing the basin to the west of 30W. The AMOC seasonal variability in the western basin remains
robust and resembles that of the control run even though the western basin is not forced by the wind stress
curl at the eastern boundary. Furthermore, the pressure at the western side of the wall, i.e., the eastern
Figure 12. A schematic to illustrate how topography affects a barotropic gyre resulting in its contribution to variations in the AMOC
transport.
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boundary of the western basin, varies signiﬁcantly with the season and contributes to the seasonal cycle of
the geostrophic transport in the western basin. We conclude that this boundary pressure variability, like the
one at the African coast in the control run, is primarily due to basin-wide adjustments. The seasonal variabil-
ity of the AMOC transports in the subtropical and subpolar basins are intimately linked through meridional
redistribution of water masses in each layer. Two additional experiments were conducted to elucidate this
connection. In EXP-2, an internal wall was inserted at 40N to block forcing from the area north of this lati-
tude. The local forcing and bathymetry at 26.5N are the same as that in the control run. The AMOC trans-
port was substantially changed, indicating the role a high-latitude forcing has on the subtropics. A similar
experiment, EXP-3, was conducted by putting a wall at 15N to block forcing from the tropics. The AMOC
transport at 26.5N was affected considerably although not as profoundly as that in EXP-2. The leading
mechanism in our model for the seasonal variability of the AMOC transport at 26.5N is illustrated in Figure
7. A weakening Ekman suction in the subpolar basin or pumping in the subtropical basin leads to an anom-
alous northward transport in the upper layer and a southward one in the lower layer. This strengthens the
mean AMOC transport that is driven by the deep-water formation/removal processes (not included in the
model).
Barotropic processes play an important role in the seasonal variability of the AMOC transport through
topography-gyre interactions. Barotropic transports in a stratiﬁed ocean with a varying depth can induce a
convergence of divergence of water mass volume in a density layer within an area. This leads to a temporal
change in the AMOC transport as schematized in Figure 12. Baroclinic responses follow immediately once
such a divergence/convergence occurs. The adjustment would likely involve complex interactions between
barotropic and baroclinic modes as discussed by Andres et al. [2012]. It requires further study to understand
such interactions. The purpose here is to point out the role of barotropic processes in the seasonal AMOC
transport at 26.5N. Previous studies have emphasized mainly baroclinic Rossby waves that are forced
locally by the wind stress curl.
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